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Abstract The ocean's ability to take up and store CO2 is a key factor for understanding past and future
climate variability. However, qualitative and quantitative understanding of surface-to-interior pathways,
and how the ocean circulation affects the CO2 uptake, is limited. Consequently, how changes in ocean
circulation may influence carbon uptake and storage and therefore the future climate remains ambiguous.
Here we quantify the roles played by ocean circulation and various water masses in the meridional
redistribution of carbon. We do so by calculating streamfunctions defined in dissolved inorganic carbon
(DIC) and latitude coordinates, using output from a coupled biogeochemical-physical model. By further
separating DIC into components originating from the solubility pump and a residual including the
biological pump, air-sea disequilibrium, and anthropogenic CO2, we are able to distinguish the dominant
pathways of how carbon enters particular water masses. With this new tool, we show that the largest
meridional carbon transport occurs in a pole-to-equator transport in the subtropical gyres in the upper
ocean. We are able to show that this pole-to-equator DIC transport and the Atlantic meridional
overturning circulation (AMOC)-related DIC transport are mainly driven by the solubility pump. By
contrast, the DIC transport associated with deep circulation, including that in Antarctic bottom water and
Pacific deep water, is mostly driven by the biological pump. As these two pumps, as well as ocean
circulation, are widely expected to be impacted by anthropogenic changes, these findings have
implications for the future role of the ocean as a climate-buffering carbon reservoir.
1. Introduction
The ocean circulation and its redistribution of carbon are important parts of the global carbon cycle and
have significant impacts on the atmospheric pCO2 (Ciais et al., 2013; Mikaloff Fletcher et al., 2007; Sabine
et al., 2004; Sarmiento & Gruber, 2006). With rising atmospheric pCO2 and related climate change, many
studies have focused on air-sea CO2 exchange (e.g., Landschützer et al., 2015; Le Quéré et al., 2007; Taka-
hashi et al., 2002; Yasunaka et al., 2018) and how the physical and biological pumps drive the air-sea
exchange (Volk & Hoffert, 2013). How this air-sea CO2 exchange connects the surface to the ocean interior
via large scale ocean circulation is, however, less well constrained (Levy et al., 2013). This is largely related
to the difficulties in distinguishing the role of ocean water masses and circulation patterns in ocean carbon
transport.
Estimates of meridional ocean carbon transport have been made through inverse calculations based on
observed air-sea CO2 exchange and its variations (Gloor et al., 2003; Gruber et al., 2009; Mikaloff Fletcher
et al., 2007). These do not, however, give any information on the control that the various circulation cells
exerts on carbon transport and redistribution within the ocean. Meridional carbon transport has also been
calculated by the product of volume flow and carbon concentrations (Brewer et al., 1989; Broecker &
Peng, 1992), which gives a rough estimate, but does not give a global view. Iudicone et al. (2011) made a
detailed analysis of the role of separate water masses in the transports of carbon in and out of the Southern
Ocean. Studies such as these provide an important basis for our knowledge of overall ocean carbon trans-
ports. However, they do not explain how the transport is connected globally, nor do they clarify the sources
of the transported carbon, that is, whether it originates from the physical or the biological pumps.
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The physical—or solubility—pump is the mechanism by which carbon enters the deep ocean via sites of
deep water formation (Volk & Hoffert, 1985). These sites transfer dense seawater into the ocean interior,
typically at high latitudes, where cooler surface temperatures enhance the solubility of CO2. Consequently,
waters reaching the ocean interior have elevated concentrations of dissolved inorganic carbon (DIC) driven
by this physical mechanism. In contrast, the biological pump is ultimately driven by the production of
organic matter (plus carbonate biominerals) by photosynthetic phytoplankton at the ocean's surface (Volk
& Hoffert, 1985). After processing through the foodweb, a fraction of this production is exported from the
surface to the interior ocean by either gravitational sinking or subduction. Its remineralization within the
ocean liberates DIC, elevating water column concentrations through biological mechanisms.
The aim of this study is to present a diagnostic tool to estimate the global meridional transport of DIC
related to ocean circulation cells in the ocean interior. It builds on Groeskamp et al. (2016), who devel-
oped a new method for calculating the transport of anthropogenic carbon to the ocean interior based on
streamfunctions. Further, we link the origins of the transported carbon to the physical and biological ocean
carbon pumps, which comprise the main pathways by which carbon enters the ocean interior. By doing
this, we provide further clues to understanding the role of physical and biological ocean processes in ocean
carbon storage and, by inference, in regulating atmospheric pCO2. This method, which consists of a dimen-
sional reduction of the system to a two dimensional projection, can be used for instance to simplify model
intercomparisons or to identify notable changes in ocean carbon transport and identify the responsible
processes.
2. Methods
2.1. Carbon Decomposition
In the ocean, dissolved CO2 exists in several different forms. About 90% exists as bicarbonate, 9% as carbon-
ate, and a small fraction of the concentration is in the form of aqueous CO2 and carbonic acid (Williams &
Follows, 2011). Together, these species are commonly known as DIC. The total ocean concentration of DIC
will from now on be referred to as Ctot. Per Equation 1, it can be partitioned into contributions from differ-
ent processes associated with the solubility pump and the biological pump (Eggleston & Galbraith, 2018;
Ito & Follows, 2005; Ödalen et al., 2018; Williams & Follows, 2011). The partitioning allows us to quan-
tify the contribution of solubility pump and biological pump processes to carbon transports in different
water masses.
The solubility pump describes the pathway for carbon that enters the ocean via physico-chemical dissolution
in the surface ocean. In our simulations, this consists of three components: saturation carbon (Csat), dise-
quilibrium carbon (Cdis), and anthropogenic carbon (Canth). In this paper, we focus mainly on Csat, which is
described in more detail below. The biological pump involves carbon that is biologically fixed in particulate
material in the surface ocean and then transported (via gravitational sinking and circulation) to the deep
ocean where it is remineralized back to DIC. We refer to this DIC as Cbio.
We apply the same ocean carbon partitioning framework as in Lauderdale et al. (2013), with the addition of
a component associated with anthropogenic emissions (Couldrey, 2018):
Ctot = Csat + Cbio + Cdis + Canth + 𝜖
⏟⏞⏞⏞⏞⏞⏞⏞⏟⏞⏞⏞⏞⏞⏞⏞⏟
Cres
. (1)
Here, the 𝜖 term represents any discrepancies associated with the computation methods in the solution of
the carbon system equations (Lewis et al., 1998) and the computation of Cbio and its constituents (McDougall
& Barker, 2011; Lauderdale et al., 2013; see the Supporting Information).
Csat, the bulk of Ctot associated with the solubility pump, originates from CO2 dissolving in water until the
water reaches saturation, for a constant reference atmospheric pCO2 (henceforth pCOatm2 ), at the ambient
ocean temperature, alkalinity, and salinity (see section 2.3). Whenever water is not at saturation when it
leaves the ocean surface, there is also a disequilibrium contribution to carbon (Cdis), which can be positive
or negative. If pCOatm2 changes over time, for example, through anthropogenic emissions, this contribution
to ocean Ctot can be accounted for separately (Canth) (Couldrey, 2018). In this work, however, we do not study
the separate contributions from Cdis and Canth, so together with 𝜖, these are treated as a solubility pump
residual (Cres; see Equation 1).
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Csat, Cdis, and Canth are so-called preformed tracers, which are only modified at the ocean surface and act as
passive tracers in the ocean interior. Cbio is equal to zero at the surface, but has local sources in the interior
ocean. As Csat acts as a conserved tracer in the interior ocean, we choose to study it separately. We also look
at the remaining terms taken together (Cbio+res) by subtracting the computed Csat from Ctot:
Ctot − Csat = Cbio+res. (2)
2.2. Meridional Streamfunctions
2.2.1. Meridional Overturning Streamfunctions
Streamfunctions are a diagnostic tool often used in both atmospheric science and physical oceanography,
which help to understand different processes such as volume transports. The idea behind streamfunctions
is a dimensional reduction of the system to a two-dimensional projection. The most traditional streamfunc-
tions are based on two geographical coordinates. For instance, the latitude-depth stream function Ψ(𝜙0, z0),
usually referred to as the meridional overturning stream function is, among the different set of streamfunc-
tions, the most used and known one. The meridional overturning streamfunction is given by the following
equation:
Ψ(𝜙0, z0) =
1
t𝑓 − t0 ∫
t𝑓
t0
∫Ω𝛿[𝜙0 − 𝜙]𝜇[z0 − z]v(x⃗, t)dΩ dt, (3)
where 𝜙0 is the chosen latitude, z0 is the reference depth, v(x⃗, t) is the meridional velocity field (in m s−1),
tf and t0 represent the final and the initial time respectively (in s), and Ω represents the volume domain
over which the streamfunction is computed. In this particular case, where we are defining latitude 𝜙 to
describe the meridional coordinate, dΩ has area units (m2) and is given by dΩ = d𝜙dxdz. The units of the
streamfunction are given in [m3 s−1] (which represent a volume transport). For convenience, however, the
results will be presented in Sverdrups, 1 Sv ≡ 106 m3 s1.
By imposing both the Dirac delta pseudo-function 𝛿[⋆] and the Heaviside step function 𝜇[⋆], the stream
function only considers the volume fluxes at 𝜙0 at depths equal or below z0. Therefore, this stream function
represents the total average meridional mass transport below a given depth value z0, at a chosen latitude 𝜙0.
If there are no mass sources or sinks, this value also represents the total vertical mass transport north of 𝜙0
at a depth z0.
2.2.2. A Generalized Meridional Streamfunction
The meridional overturning circulation can be generalized to any coordinate 𝜉 which could be another geo-
graphical coordinate (e.g., longitude as in the barotropic stream function), a thermodynamic coordinate
(e.g., temperature), or as we will present in this work a biogeochemical tracer. The generalized meridional
streamfunctions is described by the following equation:
Ψ(𝜙0, 𝜉0) =
1
t𝑓 − t0 ∫
t𝑓
t0
∫Ω𝛿[𝜙0 − 𝜙]𝜇[𝜉0 − 𝜉(x⃗, t)]v(x⃗, t)dΩ dt, (4)
where 𝜉0 is the reference isoline value of the selected tracer (in this study Ctot and Csat). A positive value
of the streamfunction represents a net northward volume transport for waters with a tracer value lower or
equal to 𝜉0.
There is a special set of streamfunctions where a proper choice of the coordinate 𝜉 transforms the gen-
eral meridional stream function into an extended version of the meridional overturning circulation. In this
case, 𝜉, a nongeographical coordinate, behaves as a pseudo-depth where its values can be related to a depth
level. This relation facilitates an estimate of the vertical position in the geographical space directly from the
streamfunction in the 𝜙− 𝜉 space. Nevertheless, it is possible to identify the overturning cells that may arise
from Ψ(𝜙, 𝜉) in geographical space by locating them for a given latitude and tracer value.
Moreover, the streamfunction can be computed for a particular basin by applying a mask function to the
integral. In this study, we have considered three basins: the Southern Ocean (covering all the water masses
south of cape Agulhas, 34◦S), the Atlantic Ocean (which includes the Mediterranean and Black Sea, and the
Arctic Ocean), and the Indo-Pacific Ocean. Cape Agulhas is selected as the cut-off latitude to avoid splitting
the Antarctic circumpolar current (ACC) into two different basins. However, this split cannot be applied to
the tracer coordinate. For example, it is not possible to compute the associated streamfunction for Cbio+res
by substracting the Csat streamfunction from the Ctot streamfunction. This is a result of the nonlinearity of
the step function inside the integral.
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2.2.3. Meridional Transports
In a nondivergent fluid, the meridional transport of the tracer can be computed by integrating the stream-
function along the tracer space. However, the ocean is a divergent fluid as the evaporation, precipitation,
and river runoff act as sources or sinks at the surface. In order to minimize the effect of the divergence, we
will introduce a reference tracer value 𝜉R. The transport is given by
Tr(𝜙0) = ∫
𝜉max
𝜉min
(𝜉0 − 𝜉R)
𝜕Ψ(𝜙0, 𝜉0)
𝜕𝜉0
d𝜉0. (5)
In this study, we chose the mean value of the tracer as 𝜉R. The sensitivity to the choice of the reference value is
discussed in Appendix B. Inserting the definition of the streamfunction, we will obtain the following result:
Tr(𝜙0) = ∫
𝜉max
𝜉min
(𝜉0 − 𝜉R)
(
1
t𝑓 − t0 ∫
t𝑓
t0
∫Ω𝛿[𝜙0 − 𝜙]𝛿[𝜉0 − 𝜉(x⃗, t)]v(x⃗, t)dΩ dt
)
d𝜉0 =
= 1
t𝑓 − t0 ∫
t𝑓
t0
∫Ω𝛿[𝜙0 − 𝜙]
(
∫
𝜉max
𝜉min
(𝜉0 − 𝜉R)𝛿[𝜉0 − 𝜉(x⃗, t)]d𝜉0
)
v(x⃗, t) dΩ dt
= 1
t𝑓 − t0 ∫
t𝑓
t0
∫Ω𝛿[𝜙0 − 𝜙]
(
𝜉(x⃗, t) − 𝜉R
)
v(x⃗, t)dΩ dt.
(6)
This recovers the traditional expression for a meridional transport of a tracer computed directly from the
velocity and the tracer field. Most of the fields analyzed in this study (Ctot, Csat, and Cbio+res) are positive
definite; therefore, a positive value of the transport represents a northward transport of the tracer. A descrip-
tion on how to compute the streamfunction and the transports numerically can be found in Appendices A1
and B1.
2.3. Model Data and Analysis
We use the output from a simulation of the coupled physical-biogeochemical model NEMO-MEDUSA (Yool
et al., 2015). NEMO (Madec, 2012) is used here in a global ORCA025 configuration, with a horizontal res-
olution of approximately 0.25◦ (an average grid cell size of 19.0 km globally) and with 75 vertical levels
(increasing in thickness from 1 m at the surface to 200 m at 6,000 m). This particular simulation has been
run using NEMO v3.4 with the LIM2 sea-ice model (Timmermann et al., 2005).
The biogeochemical model, MEDUSA-2 (Yool et al., 2013), is an intermediate complexity framework con-
taining a representation of the elemental cycles of nitrogen, carbon, oxygen, silicon, and iron. The plankton
ecosystem is composed of dual size classes of phytoplankton, zooplankton, and detritus components. It
is a nitrogen-based model, with the biological transformations of other elemental cycles related to that of
nitrogen by fixed “Redfield” ratios (except silicon, which has a dynamic ratio).
The output used here is a 10-year period from 2000 to 2009, drawn from a run that contains both historical
and future simulations, as it is run for the period 1975–2099 (Yool et al., 2015). The model was initialized in
1975 using physical and biogeochemical fields from a lower horizontal resolution simulation (ORCA1; 1◦
horizontal resolution), run for the period 1860–1975. This lower-resolution model was forced at its surface
boundary using atmospheric fields (including atmospheric pCO2) from a CMIP5 historical simulation of
the HadGEM2-ES model (Jones et al., 2011; Yool et al., 2015). The ORCA025 configuration continued with
the same forcing regime from 1975 onwards. After 2005, the simulation followed an IPCC climate projec-
tion using the Representative Concentration Pathway (RCP) 8.5 scenario. This future projection describes a
continuous increase of greenhouse gas emission throughout the 21st century reaching a radiative forcing of
8.5 W m−2 by the end of the century.
The saturation carbon, Csat, was computed using the carbon system equations solver CO2SYS (Lewis
et al., 1998) by providing in situ temperature, salinity, global mean alkalinity, and a reference pCOatm2 based
on the 1860 value (286 ppm). The climatological cross sections of Ctot in the Atlantic (25◦W) and Indo-Pacific
(170◦W) are computed from the model output of the selected ten year time period (2000–2009; Figure 1). This
climatology is computed from the model output of the selected 10-year time period (2000–2009). In panels c
and d, we show the corresponding computed Csat. Notice that while Csat increases monotonically with depth,
we can find local maxima of Ctot in the interior ocean. This makes Csat an ideal tracer for interpretation of
streamfunctions as it allows us to allocate values of Ψ to a given depth.
ALDAMA-CAMPINO ET AL. 4 of 17
Global Biogeochemical Cycles 10.1029/2019GB006336
(a) (b)
(d)(c)
Figure 1. Climatological cross sections for Ctot (upper row) and for Csat (lower row) computed from the model output
of the selected 10-year time period (2000–2009). Panels (a) and (c) show the Atlantic Ocean (25◦W), and panels (b) and
(d) show the Indo-Pacific Ocean (170◦W).
3. Results and Discussion
In the following sections, we present first the latitude-depth streamfunction to help the reader with the fol-
lowing discussions of the latitude-carbon streamfunction (section 3.1). Next, we introduce and discuss the
results of the carbon-latitude streamfunction (section 3.2). The role of different water masses and the geo-
graphical identification of the cells are further discussed in section 3.3. We first examine the Ctot-latitude
streamfunction for the Atlantic and Indo-Pacific oceans to better understand the underlying mechanisms
of their cells and related role in the ocean carbon cycle. This simplifies the identification of different water
masses. Thereafter, we separate the associated carbon transports to each of the cells to quantify their contri-
bution to the total carbon transport (section 3.4). Finally, the roles of the physical and biological pumps in
the meridional carbon transport are discussed (section 3.5).
3.1. The Meridional Overturning Streamfunction
The meridional overturning streamfunction shows the different circulation patterns in the Atlantic Ocean
(Figure 2a) and in the Indo-Pacific (Figure 2b). The Southern Ocean has not been split to avoid anomalous
results of the streamfunction in the ACC region.
The Atlantic Ocean is characterized by two main cells: a clockwise overturning cell (A1) located above
3,000 m and spanning along all the latitudes in the basin, and anticlockwise overturning cell (A2) located at
the bottom of the basin. The former describes the northward transport of warm surface waters, their sinking
at high latitudes as a result of a buoyancy loss, and the southward return flow at deeper levels. This cell is
linked to the Atlantic meridional overturning circulation (AMOC). The latter can be linked to the Antarctic
bottom water (AABW) which is formed around Antarctica and is the most common water mass found at
the bottom of the ocean (Talley, 2013).
The Indo-Pacific ocean is characterized by three main cells: two almost symmetric cells near the surface (IP1
and IP2), and a third cell that covers almost the entire basin (IP3). The shallow but strong cells are a result of
the wind-driven circulation in the tropics. The spinning of these overturning cells describes a divergence at
the surface due to the Ekman transport and a convergence of waters at the equator in deeper levels (≈500 m)
which leads to an upwelling in the region. Cell IP3 captures the Pacific deep water (PDW) and the AABW in
the region. This cell describes a northward volume transport at the bottom and a southward volume transport
at intermediate depths. Note that the strongest values are located in the Southern Hemisphere. The value of
Ψ(𝜙, z) in the North Pacific is very low due to the slow circulation in the region (Talley, 2013).
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(a)
(b)
Figure 2. The meridional overturning streamfunction in latitude-depth space for the Atlantic Ocean (top) and the
Indo-Pacific Ocean (bottom). The red (blue) cells describes counterclockwise (clockwise) circulations. The circulation
of the overturning cells is given by the gray arrows. The gray dash line represents the cape Agulhas latitude.
Finally, the Southern Ocean is characterized by a strong and deep overturning cell (S1). This cell is known
as the Deacon cell and captures most of the southward Ekman return flow in the Southern Ocean. As shown
by Döös and Webb (1994), this is an artifact of projecting the volume fluxes in the latitude-depth space.
The Deacon cells disappear if the meridional volume fluxes are projected into the latitude-neutral density
space instead.
Many of the cells that appear in Ψ(𝜙, z) will have an analogous overturning cell in the latitude-carbon
streamfunctions that we introduce in the coming sections.
3.2. The Latitude-Carbon Streamfunction
The calculated global carbon-latitude streamfunction and its different circulation cells are shown in
Figure 3a. High Ctot concentrations are associated with polar waters (due to higher gas solubility in colder
water, e.g., Raven & Falkowski, 1999; Volk & Hoffert, 2013; Weiss, 1974) and deep waters (due to the bio-
logical pump, e.g., Broecker, 1983; Volk & Hoffert, 2013). For visualization purposes, and in order to have
near-surface circulation cells above those associated with deep waters, the y-axis has been reversed . Note
that in the Indo-Pacific the highest concentrations are located at about 2,000-m depth, making the interpreta-
tion of the streamfunction in this region a bit harder, which will be discussed in the next section. To illustrate
the location of surface waters in relation to the circulation cells, we have plotted the volume weighted zonal
mean surface Ctot concentration (dashed black line).
The global streamfunction is characterized by five main circulation cells. The largest two surface cells are
located between the equator and 40◦N/S at relatively low Ctot concentrations (2,000–2,200 mmol m−3) and
are strongly linked to the big wind-driven subtropical gyres, as will be shown in section 3.3. The cells are
spinning in opposite directions, with the northern cell spinning clockwise (blue cell) and the southern one
anticlockwise (red cell). These cells transport surface waters with low Ctot concentrations poleward and
waters with higher Ctot concentrations equatorward. The increase in Ctot concentrations in the upper limb
of these cells shows that there is a continuous uptake of atmospheric CO2 in surface waters on their way
poleward. In addition, another near-surface cell is observed in the Southern Ocean between 40◦S and 60◦S,
with Ctot concentrations of 2,100–2,300 mmol m−3, and spinning clockwise. The upper limb of this cell is
losing Ctot on its way northward. This cell can be linked to the activity of the ACC. The other two main cells
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(a)
(b) (c)
Figure 3. Upper panel: the global Ctot-latitude streamfunction. Note that the Ctot axes has been reversed. The red
(blue) cells describe counterclockwise (clockwise) circulations. The volume weighted zonal mean surface
concentration of Ctot is shown by the dashed black line. The lower panels represent the split of the global
streamfunction into the Atlantic basin (which includes the Arctic Ocean) and the Indo-Pacific Ocean. The numbers
represent the main cells of the streamfunction.The gray dashed line represents the cape Agulhas latitude.
occur with higher Ctot concentrations (2,200–2,500 mmol m−3), span whole ocean basins (i.e., stretching
across the equator), and represent deep and bottom waters.
3.3. The Role of the Cells
The global streamfunction Ψ(𝜙, 𝜉) is a composite of different cells which represent different processes and
water masses. We therefore analyze the streamfunction for the two main ocean basins: the Atlantic and the
Indo-Pacific Ocean, separately. In this study, we define a cell as being enclosed by the 4-Sv streamline. The
identification of the main cells in the geographical (latitude-depth) space are shown in Figures 4a and 4b.
The contours in these figures represent the fraction of volume at a given latitude and depth contained in
the selected cell. The contours have been filled using a gradient color-map where darker colors represent
higher fractions.
The Atlantic basin is characterized by two main cells spanning over the entire basin (Figure 3b). The first
one (referred to as Cell 1) is bounded between Ctot concentrations between 2,000 and 2,250 mmol m−3, spin-
ning clockwise, and therefore transports surface waters with low Ctot concentration northward, and waters
with higher Ctot concentration southward. The reprojection of this cell into geographical space (blue shad-
ing, in Figure 4a) shows that the majority of the cell is located at depths shallower than 1,000 m, except in
the midlatitudes in the Northern Hemisphere where these waters can be located at almost 3,000 m. This cell
and its transports can be associated with the AMOC, including the upper limb of the North Atlantic deep
water (NADW), the tropical cell of the Northern Hemisphere, and the Agulhas leakage (Talley, 2013). The
NADW extends as a narrow blue feature stretching from ∼40◦N to >60◦S at a Ctot concentration of 2,200
mmol m−3 (see Figures 1 and 3b). At >60◦S, associated with the wind-driven upwelling, or the divergence
zone, in the Southern Ocean (Marshall & Speer, 2012), the lower limb of this cell reaches surface waters
and then continues northward with the Ekman transport. Note that the southern tropical cell is represented
by the small and weak anticlockwise cell between 20◦S and the equator; however, its contribution is very
small. The second major cell (Cell 2.1), circulating anticlockwise, spreads at narrower Ctot concentrations
confined around 2,300 mmol/m3. It transports waters with higher Ctot concentration northward, and lower
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(c) (d)
(e)
Figure 4. The identification of different cells (identified by numbers 1–5) for Ψ(𝜙,Ctot) in geographical space for the
Atlantic (a) and the Indo-Pacific (b) basins. The contours represent the fraction of volume at a given latitude and depth
contained in the selected cell. Darker colors indicate higher fractions. (c) The global meridional transport of Ctot and
the contribution of the different basins. The contribution of each of the cells in Ψ(𝜙,Ctot) to the meridional transport
for the Atlantic (d) and the Indo-Pacific basin (e). Each of the cells has an assigned color which is used for both the
transport and the reprojection plots. The transports for the cells have been computed using a threshold of 4 Sv.
Ctot concentrations southward. The reprojection into the geographical space (orange shading in Figure 4)
shows that the water masses described by this cell are located at intermediate and deeper levels, and there-
fore can be associated with intermediate waters, AABW, and the lower limb of NADW that upwells in the
Southern Ocean (Talley, 2013).
In the Indo-Pacific Ocean, three distinct cells are observed. Near the surface, we find two cells of similar
strength and shape, and opposite sign (Cells 3 and 5). These cells span from the equator up to the midlati-
tudes and cover concentrations between 2,000 and 2,200 mmol m−3 and contain the stronger circulation in
this framework, up to 30 Sv. The water masses contained in these two cells are located above 1,000-m depth
(green and blue shading) and represent the wind driven gyre circulation at the tropical Indo-Pacific Ocean.
Similar to what we observed in the Atlantic Ocean, Cell 2.2 represents the intrusion of intermediate waters
from the Southern Ocean into the Indo-Pacific basin. However, in contrast to the 2.1 cell in the Atlantic,
this cell does not capture the bottom waters, which in the Indo-Pacific instead are captured by Cell 4. Cell 4
is spinning clockwise (see Figure 3) and is located at the highest Ctot concentrations observed (above 2,300
mmol m−3). The water masses contained in this cell (shaded in red) can be found at any depths larger than
1,000 m in the Indo-Pacific Ocean, containing the northward flowing AABW and southward flowing PDW
(Talley, 2013). The clockwise circulation of this cell means that there is a net southward transport of Ctot and
ALDAMA-CAMPINO ET AL. 8 of 17
Global Biogeochemical Cycles 10.1029/2019GB006336
consequently that the Ctot transport is larger in the PDW than in the AABW. This comes as a result of the
higher Ctot concentrations at mid-depth in the Pacific (Figure 1).
The empty area (marked with an X) between 20◦N and 40◦N and a mean depth of 2,000 m can be related
to a region of slow or even stagnant waters that contribute with small volume transports below our selected
threshold of 4 Sv. This is coined the shadow zone (de Lavergne et al., 2017). The sluggishness of these waters
becomes apparent when observing that they coincide with the oxygen minimum and the Ctot maximum
zone in the North Pacific Ocean (Figure S1 in the supporting information). Note that the Ctot maximum
zone is not located at the bottom of the basin (as it is the case for the Atlantic and the Southern Ocean),
confounding the use of Ctot as a pseudo-depth.
3.4. Associated Carbon Transports
The global transport of Ctot (Figure 4c) is described by a convergence of carbon at the equator and a diver-
gence region at around 30◦S. The maximum carbon transports are observed in the tropics around 20◦N/S
with a maximum northward Ctot transport of 1.4 Pg C yr−1 in the Southern Hemisphere and a maximum
southward transport of 0.9 Pg C yr−1 in the Northern Hemisphere (Figure 4c). The carbon transport conver-
gence is a result of the strong surface tropical cells that transport carbon equatorward where it is outgassed
to the atmosphere because of the low solubility in the warm tropical water. The divergence of Ctot at about
30◦S in the Southern Ocean is mainly caused by the net southward transport of Cell 1 and the net northward
transport of Cell 5. It is associated with the Southern Ocean subduction zone, where northward flowing
surface waters of the Southern Ocean is subducted below warmer subtropical waters (Speer et al., 2000).
The global signal is mainly dominated by the transports in the Indo-Pacific Ocean. Different factors are
responsible for this: the width of the basin, the higher concentrations of Ctot in the Indo-Pacific, and the role
of the surface tropical cells. The cells contribute in different ways to the Ctot transport as they represent dif-
ferent dynamical and/or biogeochemical processes (see Figure 4e). Both Cell 5 (green) and Cell 3 (blue) are
the largest contributors to the meridional transport in the Indo-Pacific Ocean, and also on a global scale,
with Ctot transports amounting to 1.42 and −0.58 Pg C yr−1, respectively. The larger absolute transport in
Cell 5 compared to Cell 3 can, to a large extent, be explained by the wider southern part of the Indo-Pacific.
As mentioned in the previous section, these tropical cells represent the near-surface wind driven tropi-
cal circulation. A combination of the strong dynamical cells and the upwelling of carbon rich waters from
deeper waters results in a strong equatorward transport in the tropics. The tropical cells are described in
temperature-salinity coordinates by Döös et al. (2012), Zika et al. (2012), and Groeskamp et al. (2014) and in
latitude-density coordinates by Ballarotta et al. (2014). Cell 4, which consist of AABW and PDW, has a net
southward transport of carbon, amounting to −0.35 Pg C yr−1. This substantial carbon transport is a result
of the high concentrations of Ctot which compensates the small volume fluxes in the deeper layers.
The Atlantic basin contributes with much weaker transports (Figure 4d). The Atlantic meridional transport
of carbon is the result of a compensation between the southward Ctot transport driven by Cell 1 (amounting
to −0.44 Pg C yr−1) and the northward transport driven by Ctot rich waters in the AABW in Cell 2.1 (up to
0.37 Pg C yr−1). It is important to note that Cell 1 not only includes the NADW but also includes the tropical
cell of the North Atlantic. There is a small convergence at the equatorial regions driven by the weak tropical
cells in the basin.
3.5. The Role of the Physical and Biological Pumps
The dominant component in the solubility pump (see section 2.1) is saturation carbon, Csat. Therefore, the
associated streamfunction Ψ(𝜙,Csat) (Figure 5) gives a good first approximation of the role of the solubility
pump in the ocean carbon transport. There is a striking similarity with the density-latitude streamfunction
(shown in, e.g., Ballarotta et al., 2014), which can be explained by the strong control that temperature exerts
on Csat (Weiss, 1974) and density.
It is not surprising to find many similarities betweenΨ(𝜙,Csat) andΨ(𝜙,Ctot), as Csat is the largest contributor
to the total carbon in the ocean (Williams & Follows, 2011). The global streamfunction is characterized by
three main cells. Similar to Ψ(𝜙,Ctot), we can distinguish the two surface tropical cells and the surface cell
in the Southern Ocean; however, the Southern Ocean cell is directly connected to the northern tropical
cell. An analog to the deep anticlockwise cell can be found in Ψ(𝜙,Csat) confined to a much narrower Csat
concentration around 2,200 mmol m−3. Interestingly, the deep clockwise cell found in Ψ(𝜙,Ctot) is not found
in Ψ(𝜙,Csat). This will be discussed further below.
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Figure 5. Upper panel: the global Csat-latitude streamfunction. The lower panels represent the split of the global
streamfunction into the Atlantic basin (which includes the Arctic Ocean) and the Indo-Pacific Ocean. The gray dashed
line represents the cape Agulhas latitude. The Csat axes has been reversed so that the tracer acts as a pseudo-depth,
where the low values are found near the surface and the higher values at deeper depths. The red (blue) cells represent
counterclockwise (clockwise) circulations.
The different circulation patterns of the Atlantic and the Indo-Pacific basin are captured by Ψ(𝜙,Csat). By
splitting the streamfunction into separate basins, we facilitate the identification of the different circulation
patterns, and their role in the oceanic carbon cycle, compared to the global streamfunction (see Figure 5).
The cells in the Atlantic ocean play the same role as inΨ(𝜙,Ctot), where Cell 1 represents the AMOC and Cell
2.1 the bottom waters (Figure 5b). In the Indo-Pacific, the tropical cells (Cells 5 and 3), and the Intermediate
waters (Cell 2.2) are captured by Ψ(𝜙,Csat). The reprojection of the cells into geographical space (Figures 6a
and 6b) confirms that the cells inΨ(𝜙,Csat) are a projection in the carbon space of the meridional overturning
circulations in both basins (see Figure 2).
The global transport of Csat is dominated by the Indo-Pacific basin, especially in the Southern Hemisphere,
with a maximum equatorward transport of 1.1 Pg C yr−1 (Figure 6). The surface tropical cells control most
of the meridional transport in the Indo-Pacific ocean. In the Atlantic, the cell linked to the AMOC carries
carbon southward with a maximum value of 0.56 Pg C yr−1 at 18◦N. This cell transports a larger amount of
Csat than Ctot. This is a consequence of the undersaturation of the waters that descend in the North Atlantic
to form NADW (Eggleston & Galbraith, 2018), which results in a transport of Cdis.
The most striking difference in the Indo-Pacific streamfunction for Csat compared to Ctot is that it does not
capture Cell 4. This suggests that the solubility pump is not responsible for the transport that occurs in this
cell. The residual between the transport of Ctot and Csat (Cbio+res; see Equation 2) represents transport of the
inorganic carbon in the ocean resulting from mainly biochemical processes. There is also a contribution
from the disequilibrium term and the anthropogenic carbon. Cbio+res is not a conservative tracer as Cbio has
internal sources and sinks. Therefore, the associated streamfunction Ψ(𝜙,Cbio+res) is less straightforward
to interpret.
Biological and disequilibrium processes are highly important for air-sea gas exchange (Sarmiento & Gruber,
2006). However, when studying Figures 4 and 6 and Table 1, it becomes clear that Cbio+res contributes to
a relatively small part of the total carbon transport in all cells. The only exception is Cell 4, which solely
transports Cbio+res. From Figure S11 in the supporting information, we see that the Cbio+res in this deep cell
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(e)
Figure 6. The identification of different cells for Ψ(𝜙,Csat) in geographical space for the Atlantic (a) and the
Indo-Pacific (b) basins. The contours represent the fraction of volume at a given latitude and depth contained in the
selected cell. Darker colors indicate higher fractions. (c) The global meridional transport of Csat and the contribution of
the different basins. The contribution of each of the cells in Ψ(𝜙,Csat) to the meridional transport for the Atlantic
(d) and the Indo-Pacific basin (e). Each of the cells has an assigned color which is used for both the transport and the
reprojection plots. The transports for the cells have been computed using a threshold of 4 Sv.
comes mostly from the biological pump and contains little anthropogenic or disequilibrium carbon. This
suggests that the biological pump allows for carbon storage in the shadow zone (section 3.3), while the
solubility pump is inefficient.
3.6. Carbon Budget and Eddy-Driven Transport
The aim of this section is to present a budget (Figure 7) showing the carbon transport between different
regions of the global ocean together with the local air-sea CO2 exchange and accumulation and to give
an estimate of the eddy-driven transport. Due to mass conservation, the transport of inorganic carbon by
the ocean circulation has to match boundary fluxes, accumulation, eddy-driven transport, and transport of
organic carbon. The eddy-driven transport is not captured in our data because of the course time-resolution,
but it can be computed knowing all other fluxes. Because of the constant forcing of anthropogenic carbon,
the ocean carbon system is not in steady state, and there is a net accumulation of 1.73 Pg C yr−1 of anthro-
pogenic carbon. Boundary fluxes include air-sea CO2 exchange and sediment-water C exchange. The net
sediment CO2 fluxes, as well as the meridional transport of organic carbon, in our model are negligible, and
we therefore leave them out.
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Table 1
Maximum Carbon Transport for Each of the Cells in Pg C yr−1
Cell basin Ctot (mean) Ctot (max) Csat (mean) Csat (max) Primary association
1 Atlantic −0.13 −0.44 −0.19 −0.56 AMOC
2.1 Atlantic 0.10 0.37 0.08 0.27 Intermediate waters/AABW
2.2 Indo-Pacific 0.12 0.37 0.12 0.27 Intermediate waters
3 Indo-Pacific −0.25 −0.58 −0.22 −0.47 ST Gyre
4 Indo-Pacific −0.14 −0.35 – – Deep/Bottom Water
5 Indo-Pacific 0.44 1.42 0.36 1.14 ST Gyre
The top part of Figure 7 shows the net air-sea CO2 fluxes. There is a net uptake of carbon in all the regions
except in the tropical one where there is a net outgassing. The red bars represent the standard deviation of
those fluxes showing high variability in the temperate regions in both hemispheres. This large variability is a
result of the seasonal changes in temperature and primary production that impact the ocean carbon uptake.
The net uptake of carbon in this study is 1.73 Pg C yr−1. The flux distribution and the net uptake value are
in good correspondence with values found in literature (Gruber et al., 2009; Mikaloff Fletcher et al., 2007).
The next set of bars represents the meridional carbon transport of Ctot, Csat, and Cbio+res at given latitudes.
Cbio+res includes all terms not represented by Csat. As described in section 3.5, the transport of Csat is the major
contributor to the total meridional transport of carbon. However, in the high-latitude Northern Hemisphere,
Cbio+res is dominant in the total transport. Below the transport bars, the accumulation of carbon in each
region is shown. The tropics are the region with the largest accumulation rate (0.69 Pg C yr−1) followed
by the south-hemispheric temperate region (0.54 Pg C yr−1). The Northern Hemisphere, especially at high
latitudes, showed the lowest accumulation rates.
The accumulation in each of the regions and the convergence/divergence of carbon transports are not
enough to close the carbon budget. Therefore, the discrepancy terms are shown in the last panel. These dis-
crepancies are computed by closing the carbon budget at each of the latitudinal regions starting from the
Southern Ocean. The dominant contributors to these discrepancies are likely to be the effect of diffusivity
and the frequency of the output data. As our data are output with a monthly frequency, we do not capture
the carbon transports advected by eddies at smaller time scales.
Figure 7. Carbon budget in the ocean for different regions. Upper panel: integrated CO2 surface fluxes for different
regions; the red error bars represent the standard deviation of the fluxes. The meridional transports of Ctot at given
latitudes and the contribution of the different components are represented in the second panel. The accumulation of
carbon as a result of the anthropogenic carbon are shown in the third panel. The last row represents the discrepancy
terms required to close the budget. Units are given in Pg C yr−1.
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Figure 8. The turnover times computed from Ψ(𝜙,Ctot) for the global case (a) and for the two basins: Atlantic (b) and
Indo-Pacific (c). The streamline interval has been chosen to 4 Sv. Units given in years.
4. Turnover Time
More information on the role of the circulation cells in keeping CO2 from the atmosphere is obtained when
looking at their turnover times. The turnover time, 𝜏, gives an estimate of how much time is required for
the entire volume contained between two streamlines to complete a cycle in the cell. That is,
𝜏 = ΔV
ΔΨ
, (7)
where ΔΨ represents the selected streamlines and ΔV is the volume contained in between those stream-
lines. The turnover times for Ψ(𝜙,Ctot) are presented in Figure 8; we have selected intervals of 4 Sv between
streamlines.
The near-surface cells have short turnover times of the order of decades; this result is not surprising as these
cells are both the strongest and are confined in a small volume. The decomposition of the streamfunction
shows that the tropical cells in the Indo-Pacific Ocean are those with the shortest turnover times (<50 years),
followed by the AMOC cell (around 100–300 years) and the bottom cell in the Atlantic (300–500 years). The
longest time scales, on the order of more than 1,000 years, are associated with the deep cell in the Indo-Pacific
Ocean. As this cell only consists of Cbio, it indicates that the biological pump in the Indo-Pacific is the most
important process for storing CO2 from the atmosphere on longer time scales.
5. Conclusions
As the largest dynamic reservoir of carbon in the Earth system, the ocean plays an important role in influenc-
ing climate. However, understanding its carbon cycle is complicated by of the diverse roles played by its water
masses, circulation, and biogeochemical processes, and separating these processes in observational data
or model output using traditional methods is difficult. In this study, we show how to apply latitude-tracer
streamfunctions, a diagnostic tool well-known in physical oceanography to facilitate the understanding of
processes in the ocean. We have chosen to focus on the ocean's dissolved inorganic carbon pool as this buffers
the atmospheric concentration of CO2 that has an important role in climate.
ALDAMA-CAMPINO ET AL. 13 of 17
Global Biogeochemical Cycles 10.1029/2019GB006336
This diagnostic tool connects a commonly used framework for understanding of the ocean circulation
(streamfunctions) with a commonly used framework for understanding the ocean carbon cycle and its
sources and sinks (carbon separation). This way, we are able to separate the roles played by different water
masses and circulation pathways on the carbon cycle. We find that the shallow subtropical gyres are the
main contributor to meridional carbon transport in the ocean, carrying carbon from the midlatitudes into
the equatorial region. According to our model, they transport up to 1.42 Pg C yr−1, while the overturning
represented by deeper water masses such as the AABW and PDW only carry up to 0.35 Pg C yr−1. By separat-
ing the carbon into its different constituents, we are additionally able to show that the carbon transported in
the subtropical cells and the deep Atlantic mainly originates from the the solubility pump and thus air-sea
exchange of CO2, while the carbon transport in the deep Pacific is mainly of biogenic origin.
For the studies of future climate variability and CO2 uptake by the ocean, this method can simplify model
intercomparisons and allow us to put error bars on the role of different water masses in future ocean car-
bon uptake/release. It will allow us to identify notable changes in ocean carbon transport and identify the
responsible processes. A further advantage of this streamfunction methodology is the possibility of comput-
ing the turnover time of each of the cells. Insights gained from studying turnover time can be helpful in
understanding changes in ocean carbon transport across climate states (e.g., glacial-interglacial cycles). In
this way, this tool can advance, and provide more detail to, the understanding of the oceans role in carbon
sequestration.
Appendix A: Discretization of the Streamfunction
We will here explain how we computed Ψ(𝜙, 𝜉) by numerical discretization of Equation 4, using finite
differences. Let us consider a gridded 3D field for the total meridional velocity vi,j,k,n and the tracer field
𝜉i,j,k,n, where i, j, k represent the spatial indexes and n represents the time index. Moreover, we will define a
discretized space of the tracer 𝜉Dm as a function of the index m, so that 𝜉
D
m = 𝜉
D
min + (m − 1)Δ𝜉.
The streamfunction in the discrete form can be written as
𝜓𝑗,m =
1
N
N∑
n=1
I∑
i=1
K∑
k=1
vi,𝑗,k,n𝜇[m − li,𝑗,k,n]Δzi,𝑗,kΔxi,𝑗 , (A1)
where N is the total number of time steps consider and I and K are the maximum value of the zonal and
vertical indexes. Besides, 𝜇[∗] is the discrete unit function where li,j,k,n is the index corresponding to the
nearest 𝜉Dl for 𝜉i,j,k,n (li,𝑗,k,n = 1 + ⌊ 𝜉i,𝑗,k,n−𝜉DminΔ𝜉 + 0.5⌋).
Appendix B: A Note About Discretization
The meridional tracer transport can be computed directly by integrating the streamfunction in the continu-
ous form. However, this direct relationship does not hold directly in the discrete form. There are two main
sources of error in the computation: the resolution of the binning space and the choice of the minimum and
maximum value of the range.
The discrete version of the meridional transport computed directly from the velocity and the tracer fields is
given by the following equation:
Tr(1𝑗 =
1
N
N∑
n=1
I∑
i=1
K∑
k=1
vi,𝑗,k,n(𝜉i,𝑗,k,n − 𝜉re𝑓 )Δzi,𝑗,kΔxi,𝑗 . (B1)
Similarly, the discrete version of the meridional tracer transport computed from the streamfunction
(Equation 5) is given by
Tr(2𝑗 =
M−1∑
m=1
(𝜉Dm − 𝜉re𝑓 )
𝜓𝑗,m+1 − 𝜓𝑗,m
Δ𝜉
Δ𝜉 =
M−1∑
m=1
(𝜉Dm − 𝜉re𝑓 )(𝜓𝑗,m+1 − 𝜓𝑗,m). (B2)
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Figure B1. (a) The residual transport at 60◦N as a result of the discretization. The solid color lines represent different
resolutions of the discretized tracer space. If the selected range includes all the possible values of the tracer, the residual
transport depends only on the resolution. The minimum value of Ctot is represented by the dashed line. (b) The global
transport for Ctot for different choices for 𝜉R. A right choice of this value will minimize the effect of divergence. If the
system would be nondivergent, the results for the transport would become insensitive to the choice of 𝜉R.
Inserting the definition of the discretized streamfunction (Equation A1), we can obtain the following
expression for the discretized transport:
Tr(2𝑗 =
1
N
N∑
n=1
I∑
i=1
K∑
k=1
vi,𝑗,k,n
(M−1∑
m=1
(𝜉Dm − 𝜉re𝑓 )𝛿[m − li,𝑗,k,n]
)
Δzi,𝑗,kΔxi,𝑗 =
= 1
N
N∑
n=1
I∑
i=1
K∑
k=1
vi,𝑗,k,n(𝜉Di,𝑗,k,n − 𝜉re𝑓 )Δzi,𝑗,kΔxi,𝑗 .
(B3)
In contrast to Equation B1, the tracer field in this case is given by the nearest value in the discrete space.
We will denote as the residual transport, 𝜖, the difference between the transport computed directly and the
one computed from the streamfunction:
𝜖 ≡ Tr(1𝑗 − Tr(2𝑗 = 1N
N∑
n=1
I∑
i=1
K∑
k=1
vi,𝑗,k,n(𝜉i,𝑗,k,n − 𝜉Di,𝑗,k,n)Δzi,𝑗,kΔxi,𝑗
= 1
N
N∑
n=1
I∑
i=1
K∑
k=1
vi,𝑗,k,n𝛿𝜉i,𝑗,k,nΔzi,𝑗,kΔxi,𝑗 ,
(B4)
where 𝛿𝜉i,j,k,n represents the difference between the original and the nearest value in the discrete space of
the tracer. This term is bounded by the resolution of the tracer Δ𝜉,
𝜖 = |(𝛿𝜉i,𝑗,k,n)| ≤ (Δ𝜉). (B5)
A coarse resolution in the binning will have as a result an overestimation or a subestimation of the transports.
This residual transport will decrease in a finer resolution.
The selected range for the tracer is also important. The range should include all the possible values of the
tracer. If a value of the tracer is outside the range, the transport associated to that water mass will be mis-
calculated. This error can be reduced by selecting a range that covers all the possible values of the tracer.
In Figure B1a, we represent the residual transport at 60◦N for different resolutions and minimum values of
the tracer in the discrete form. In all the cases, the maximum value of tracer is kept constant. If our discrete
space includes all the possible values of the tracer, the residual transport is a result of the discretization. The
resolution used in this study (ΔCtot = 1.0 mmol m−3) is fine enough to obtain a negligible residual transport.
The effect of the selected range has a significant impact as our domain includes fewer of the possible values
of the tracer. This residual transport is independent of the chosen resolution.
Another important factor is the choice of the reference tracer value, 𝜉R, when computing the meridional
transport. The computed transports are sensitive to this choice in regions with large volume transports (here,
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the Southern Ocean; see Figure B1b). By using the mean value rather than the minimum or maximum, our
computed transports provide a plausible estimate between the two extremes.
Data Availability Statement
Fortran codes used for the data analysis and computation of the streamfunctions in section 2.2 are avail-
able from GitHub (https://doi.org/10.5281/zenodo.3256350). Relevant model output data, streamfunctions,
and the meridional transports computed in this study are available from Zenodo (https://doi.org/10.5281/
zenodo.3254449).
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